
CONTENTS 1

Contents

Contents 1

Abstract 5

1 Introduction 7

1.1 Ice sheets and climate . . . . . . . . . . . . . . . . . . . . . . . . 7

1.2 Mass balance of ice sheets . . . . . . . . . . . . . . . . . . . . . . 8

1.3 The Greenland ice sheet (GrIS) . . . . . . . . . . . . . . . . . . . 9

1.4 The Antarctic ice sheet (AIS) . . . . . . . . . . . . . . . . . . . . 9

1.5 Recent estimates . . . . . . . . . . . . . . . . . . . . . . . . . . . 10

1.6 Modelling . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 11

1.6.1 Modelling surface mass balance . . . . . . . . . . . . . . . 11

1.6.2 Modelling total mass balance . . . . . . . . . . . . . . . . 12

1.7 Ice sheets in Earth System Models . . . . . . . . . . . . . . . . . 13

1.8 Objectives and outline . . . . . . . . . . . . . . . . . . . . . . . . 14

2 Model description of ESM1 17

2.1 The ice sheet model SICOPOLIS . . . . . . . . . . . . . . . . . . 17

2.1.1 Ice-thickness equation . . . . . . . . . . . . . . . . . . . . 18

2.1.2 Formulation of the ice °ow . . . . . . . . . . . . . . . . . . 19

2.1.3 Heat transfer . . . . . . . . . . . . . . . . . . . . . . . . . 20

2.1.4 Lithosphere . . . . . . . . . . . . . . . . . . . . . . . . . . 22

2.1.5 Numerics of the model . . . . . . . . . . . . . . . . . . . . 23

2.1.6 Speciflcation of physical quantities . . . . . . . . . . . . . 24

2.1.7 Set-up of the model . . . . . . . . . . . . . . . . . . . . . . 26

2.1.8 Parameterisation of ice shelves. . . . . . . . . . . . . . . . 28

2.2 ESM1 . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 29

2.2.1 Description of components . . . . . . . . . . . . . . . . . . 30

2.2.2 Periodically Synchronous Coupling . . . . . . . . . . . . . 32



2 CONTENTS

2.3 Coupling of the ice sheet model . . . . . . . . . . . . . . . . . . . 33

2.3.1 Degree-day scheme . . . . . . . . . . . . . . . . . . . . . . 33

2.3.2 Fields passed from the ice sheet . . . . . . . . . . . . . . . 35

3 Model initialisation and CTRL ice sheets 39

3.1 Initialisation of the model . . . . . . . . . . . . . . . . . . . . . . 39

3.2 Reference ice sheets . . . . . . . . . . . . . . . . . . . . . . . . . . 40

3.2.1 Area and topography of the reference ice sheets . . . . . . 40

3.2.2 Dynamics of the control ice sheets. . . . . . . . . . . . . . 42

3.3 Summary and conclusions . . . . . . . . . . . . . . . . . . . . . . 44

4 Stabilisation scenarios with ESM1 45

4.1 Introduction . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 45

4.2 Simulations set-up . . . . . . . . . . . . . . . . . . . . . . . . . . 45

4.3 Global changes in the atmosphere and ocean . . . . . . . . . . . 46

4.4 FW °uxes from GrIS and ocean circulation . . . . . . . . . . . . . 48

4.5 Evolution of the Greenland ice sheet . . . . . . . . . . . . . . . . 51

4.5.1 Regional climate change in Greenland . . . . . . . . . . . . 51

4.5.2 Changes in the mass balance of the GrIS . . . . . . . . . . 53

4.5.3 Feedbacks between the GrIS and climate . . . . . . . . . . 57

4.6 Evolution of the Antarctic ice sheet . . . . . . . . . . . . . . . . . 59

4.6.1 Regional climate change in Antarctica . . . . . . . . . . . 59

4.6.2 Changes in the mass balance of the AIS . . . . . . . . . . 61

4.7 Surface melting, accumulation and dynamics . . . . . . . . . . . . 61

4.7.1 The case of Greenland . . . . . . . . . . . . . . . . . . . . 62

4.7.2 The case of Antarctica . . . . . . . . . . . . . . . . . . . . 67

4.8 Sea level changes . . . . . . . . . . . . . . . . . . . . . . . . . . . 68

4.9 Summary and discussion . . . . . . . . . . . . . . . . . . . . . . . 69

4.10 Conclusions . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 73

5 SRES emission scenarios with ESM1 75

5.1 Introduction . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 75

5.2 Set-up . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 75

5.3 Climate change . . . . . . . . . . . . . . . . . . . . . . . . . . . . 78

5.4 Evolution of the GrIS . . . . . . . . . . . . . . . . . . . . . . . . . 80

5.4.1 Regional climate change in Greenland . . . . . . . . . . . . 80

5.4.2 Changes in the mass balance of the Greenland Ice Sheet . 86

5.4.3 Feedbacks between the Greenland ice sheet and climate . . 94

5.5 Evolution of AIS . . . . . . . . . . . . . . . . . . . . . . . . . . . 99



CONTENTS 3

5.5.1 Regional climate change over the area of Antarctica . . . . 99

5.5.2 Changes in the mass balance of the Antarctic ice sheet . . 100

5.6 Conclusions . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 101

6 Loss of the GrIS and climate interactions 105

6.1 Disintegration of the GrIS and feedbacks . . . . . . . . . . . . . . 106

6.1.1 Set-up . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 106

6.1.2 Global climate change . . . . . . . . . . . . . . . . . . . . 106

6.1.3 Decay of the Greenland ice sheet . . . . . . . . . . . . . . 107

6.1.4 Ocean-GrIS feedbacks . . . . . . . . . . . . . . . . . . . . 112

6.1.5 Atmosphere-GrIS feedbacks . . . . . . . . . . . . . . . . . 112

6.2 Climatic impact of the disappearance of the GrIS . . . . . . . . . 116

6.2.1 State of the art . . . . . . . . . . . . . . . . . . . . . . . . 117

6.2.2 Disappearance GrIS in pre-industrial climate . . . . . . . . 119

6.2.3 Disappearance of the GrIS under A2 scenario . . . . . . . 127

6.3 Conclusions . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 133

7 Model description ESM2 135

7.1 The ESM ECHAM5/MPI-OM/LPJ/SICOPOLIS . . . . . . . . . 136

7.2 Coupling of the ice sheet model . . . . . . . . . . . . . . . . . . . 138

7.2.1 Downscalling of atmospheric forcing flelds . . . . . . . . . 138

7.2.2 Fields given by the ice sheet model to the ocean and atmo-

spheric models . . . . . . . . . . . . . . . . . . . . . . . . 139

7.3 Surface mass balance calculation . . . . . . . . . . . . . . . . . . 139

7.3.1 Calculation of snowfall rates . . . . . . . . . . . . . . . . . 140

7.3.2 Calculation of surface melting . . . . . . . . . . . . . . . . 140

7.3.3 Calculation of the proflle of temperatures in the snowpack 142

7.3.4 Refreezing of meltwater . . . . . . . . . . . . . . . . . . . 143

7.3.5 Surface temperature . . . . . . . . . . . . . . . . . . . . . 143

7.3.6 Calculation of sublimation. . . . . . . . . . . . . . . . . . . 143

8 Stabilisation scenarios with ESM2 145

8.1 Initialisation of the model . . . . . . . . . . . . . . . . . . . . . . 145

8.2 Set-up . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 146

8.3 Control ice sheets . . . . . . . . . . . . . . . . . . . . . . . . . . . 146

8.3.1 Northern hemisphere control ice sheets . . . . . . . . . . . 147

8.3.2 Southern hemisphere control ice sheets . . . . . . . . . . . 148

8.4 Global changes in the atmosphere and ocean . . . . . . . . . . . . 148

8.5 Evolution of the GrIS . . . . . . . . . . . . . . . . . . . . . . . . . 151



4 CONTENTS

8.5.1 Regional climate change over Greenland . . . . . . . . . . 151

8.5.2 Changes in the mass balance of the Greenland ice sheet . . 151

8.6 Evolution of the AIS . . . . . . . . . . . . . . . . . . . . . . . . . 152

8.6.1 Regional climate change over Antarctica . . . . . . . . . . 152

8.6.2 Changes in the mass balance of the Antarctic ice sheet . . 155

8.7 Freshwater °uxes and ocean circulation . . . . . . . . . . . . . . . 158

8.7.1 NAMOC . . . . . . . . . . . . . . . . . . . . . . . . . . . . 158

8.8 Conclusions . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 160

9 Conclusions and Outlook 161

9.1 General conclusions . . . . . . . . . . . . . . . . . . . . . . . . . . 161

9.2 Outlook . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 164

9.2.1 Limitations of the Shallow Ice Approximation . . . . . . . 164

9.2.2 Limitations due to resolution . . . . . . . . . . . . . . . . 165

Bibliography 167

Acknowledgements 181



5

Abstract

The ice sheets of Greenland and Antarctica store the largest amount of continental

water on Earth. Changes in their mass balance due to the climate change asso-

ciated with the increasing atmospheric concentration of greenhouse gases could

produce important changes in the sea level. Besides, changes in their mass balance

could have an impact on ocean circulation via modifled meltwater °uxes and on

the atmosphere via changes in albedo and topography.

Most of the studies of the mass balance of the ice sheets focus on the evolution

until the year 2100. Some of them do not include the efiect of changes in the

dynamics of the ice sheets on the total mass balance. In this study an ice sheet

model is bi-directionally coupled to two difierent Earth System Models. It has

been used to study the multi-century evolution of global ice sheets in scenarios of

anthropogenic greenhouse forcing, the impact of their mass balance changes on the

climate system, and how these changes can modify their own mass balance. The

use of General Circulation Models for the ocean and atmosphere in both Earth

System Models permits a proper identiflcation of these potential ice sheet-climate

feedbacks.

The Earth System Models used in this study are ECHAM3/LSG2/LPJ/-

HAMOCC/SICOPOLIS (ESM1) and ECHAM5/MPI-OM/LPJ/SICOPOLIS

(ESM2). Several stabilisation and IPCC SRES scenario simulations have been

performed with ESM1. Changes in the North Atlantic Meridional Overturn-

ing Circulation (NAMOC) are mostly driven by increased atmospheric moisture

°uxes, with a minor contribution from meltwater °uxes from the Greenland ice

sheet (GrIS). The mass balance of the GrIS has been found to be very sensi-

tive to changes in the northward heat transport due to the weakening/collapse of

the NAMOC in the simulations. The mass balance of the Antarctic ice sheet is

dominated by increased snowfall rates in all the simulations.

The ice sheet-atmosphere feedbacks related to albedo and atmospheric circu-

lation were found not to be relevant for the mass balance of the Greenland ice

sheet until the ice sheet decayed to 3/4 of its original area and volume. The sign
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of these feedbacks was found to be positive, with a dominant role of the albedo

changes.

First results of a model with bidirectional coupling of an ice sheet to an

AOGCM (model ESM2) without °ux corrections are presented. The results with

ESM2 show stronger melting rates of the GrIS than with ESM1 and positive

contribution of the Antarctic ice sheet to sea level rise in the high stabilisation

scenario 4xCO2.



7

Chapter 1

Introduction

The ice sheets of Greenland and Antarctica store the largest amount of continental

water on Earth. If the water stored in these continental-sized ice masses would

be released to the world oceans, the sea level would rise by approximately 70 m

(Church et al., 2001). They represent 97% of the world’s glacier surface and hold

99.85% of the global glacier volume. Changes in the mass balance of these ice

sheets due to climate change associated with the rising concentration of greenhouse

gases could signiflcantly afiect the global sea level. Besides, the location of these

ice sheets close to the sites of deep water formation could afiect the strength of the

meridional overturning (Stoufier et al., 2006) and therefore the northward heat

transport by the ocean, with potential consequences for the regional climates.

Changes in the area and shape of the ice sheets can modify the surface albedo

and the general circulation of the atmosphere.

1.1 Ice sheets and climate

Ice sheets can modify the climate by several processes:

1. Changes in the topography of the ice sheets can modify the general circula-

tion of the atmosphere. Modelling studies, for instance, indicate that the path of

the jet stream is strongly modifled by topography (Manabe and Broccoli (1985),

Kutzbach and Wright (1985), Cook and Held (1988)).

2. Changes in the glacier mask can modify strongly the surface albedo.

3. Freshwater °uxes from the ice sheets can modify the ocean circulation via

changes in ocean water density (Stoufier et al., 2006).

4. Changes in the amount of water stored by the ice sheets modify sea level

and therefore the land-sea distribution. At the time of the Last Glacial Maximum

(21-18 ky BP), for instance, the sea level was approximately 130 m lower than at
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present.

The discharge of meltwater from the northern hemisphere ice sheets has been

proposed as the triggering mechanism for abrupt climate change in the past at

the time of the Younger Dryas (Berger and Killingley (1982), Broecker et al.

(1988), Maier-Reimer and Mikolajewicz (1989)). The high albedo of the ice sheets

has played a very important role in the glacial-interglacial transitions during the

glacial cycles of the Pleistocene. Manabe and Broccoli (1985) found that the

topographic and albedo efiects of ice sheets alone explain much of the northern

hemisphere cooling identifled in paleoclimatic records of the last glacial maximum.

1.2 The mass balance of ice sheets

Ice sheets gain mass by accumulation of snow (snowfall and deposition by wind-

drift). The snow is gradually transformed to ice via compaction (from the density

of 100-200 kg/m3of fresh snow to approximately 910 kg/m3, which is the density

of ice). Ice sheets loose mass (ablation) by melting at the surface (when surface

temperatures reach the melting point) or at the base with subsequent runofi or

evaporation of meltwater. Some water can refreeze within the snow, and some

snow may sublimate or be blown ofi the surface. Ablation can also take place

by discharge of ice into a °oating ice shelf or a glacier tongue, from where the

ice is lost by basal melting due to ocean heat supply and by calving of icebergs.

Net accumulation takes place at high altitudes and net ablation at lower altitude.

To compensate for net accumulation and ablation, ice °ows downhill by internal

deformation and by sliding and bed deformation at the base. Horizontal °uxes of

ice are controlled by the gradient of topography, the ice thickness, the efiective

ice viscosity (which varies by several orders of magnitude with the range of tem-

peratures in the ice column, Paterson (1994)), and the basal thermal and physical

conditions (presence of meltwater and/or deformable sediment).

Ice velocities range from several meters per year at the ice divides to several

hundred or thousand of meters per year at ice shelves and ice streams. Variations

in ice velocities due to changes of the viscosity of the ice have time scales of several

thousand years, due to the slow time-scales of heat difiusivity in the ice column.

Variations associated with the presence of meltwater at the base, which produces

sliding of the ice column, have shorter time-scales. They have been proposed as

the mechanism behind Heinrich events (MacAyeal (1993), Payne (1995), Calov

et al. (2002)) and behind the surging behaviour of outlet glaciers and ice streams.

Four components determine the current and future volume changes of the

polar ice sheets: 1) the long-term background evolution as a result of ongoing
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ice-dynamic adjustment to past environmental changes as far back as to the last

glacial period, 2) the efiect of current and future surface mass-balance changes, 3)

the ice dynamic response to these surface mass balance changes due to changes in

the velocity fleld associated to changes in the surface slope and ice thickness, and

4) other ice-dynamic responses related to changes in the ice-sheet base or at the

grounding line (lubrication of the base by percolated meltwater, disintegration of

ice shelves or glacier tongues,...).

1.3 The Greenland ice sheet (GrIS)

The Greenland ice sheet has an area of 1.71 x 106 km2 and stores 2.85 x 106 km3 of

freshwater. This volume is equivalent to 7.2 m of sea level (Church et al., 2001).

The mean thickness of the ice is therefore 1.7 km. The ice sheet occupies 82% of

the surface of Greenland. The maximum height of the ice sheet is at the northern

dome (3247 m). The height of the southern dome is 2960 m.

The Greenland ice sheet flrst formed approximately 7 million years ago and

was deflnitively established 3 million years ago (Zachos et al. (2001), Larsen et al.

(1994)). During the last interglacial (127 ky BP) global sea level was approxi-

mately 5-6 m higher than at present (Stirling et al. (1998), Vezina et al. (1999)).

According to the modelling studies of some authors, as Letreguilly et al. (1991b)

and Ritz et al. (1997), the contribution from the Greenland ice sheet to these

high sea levels was relatively modest, approximately 1-2 m of sea level equivalent

(SLE), and the high sea levels were mainly due to the disintegration of the West

Antarctic ice sheet (Mercer, 1978). Other authors propose a substantial contri-

bution to the sea-level rise from the Greenland ice sheet: 4-5.5 m of SLE (Cufiey

and Marshall, 2000) and 2.2-3.4 m SLE (Otto-Bliesner et al., 2006).

At present the mean annual accumulation over the ice sheet is 1.4§0.1 mm/yr

of SLE (Church et al., 2001). Summer temperatures on the Greenland ice sheet

are high enough to cause widespread melting, which accounts for half of the ice

loss. The remainder is discharged as icebergs or into small ice shelves.

1.4 The Antarctic ice sheet (AIS)

The Antarctic ice sheet is the largest single mass of ice on Earth. It covers an area

of 12.37 x 106 km2 and contains a volume of 25.71 x 106 km3 of ice. The volume is

equivalent to 61.1 m of sea level (Church et al., 2001). Two major sub-ice sheets

can be distinguished in Antarctica, separated by the Transarctic Mountains: the
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East Antarctic Ice Sheet (EAIS), and the West Antarctic Ice Sheet (WAIS). The

WAIS is a marine-based ice sheet, i.e., most of its bed lies well below sea level and

its edges °ow into °oating ice shelves. Most of the ice from WAIS is discharged

into the huge ice shelves of Rõnne-Filchner and Ross in the Weddell and Ross

Seas, respectively. The volume of the WAIS is 6 m SLE.

The widespread glaciation of Antarctica took place at the Eocene-Oligocene

boundary, about 35 million years ago (Zachos et al., 2001). The associated shift of

temperatures at that time represents one of the most relevant reorganisations of

global climate in earth’s history. At that time, the opening of the Southern Ocean

gateways, the Drake Passage and the Tasman Gateway led to the formation of

the Antarctic Circumpolar Current and hence to the isolation of the Antarctic

continent. Declining atmospheric carbon dioxide concentration and the orbital

conflguration contributed to the onset of a persistent Antarctic glaciation.

The accumulation over the ice sheet is 5.1§0.2 mm/yr of SLE (Church et al.,

2001). Antarctic temperatures are so low that there is virtually no surface runofi

(10§10 x 1012 kg/yr, Church et al. (2001)). The ablation takes place by ice dis-

charge into °oating ice shelves, which experience melting and freezing at their base

and eventually break up to form icebergs (iceberg production rates are 2072§304

x 1012 kg/y, (Church et al., 2001)).

1.5 Recent estimates of changes in the mass bal-

ance of ice sheets

The mass balance of ice sheets can be estimated by taking the difierence between

ice input and ice output °uxes or by monitoring changes in ice sheet elevation

as a proxy for volume changes (measurements must be corrected for isostatic

adjustments of bedrock elevation and for changing density of the snow and ice

column). Precipitation rates can be estimated from fleld measurements. Out-

put °uxes can be calculated from ice-velocity measurements using interferometric

synthetic-aperture radar (InSAR).

Monitoring changing ice volume by altimetry from aircraft or satellite is in-

creasingly important. Although some altimetry data were collected in the 1970s,

comprehensive mass-balance observations did not begin until the early 1990s. Re-

cent observations have documented changes in Greenland and Antarctica includ-

ing notable increases in ice discharge, especially since the mid- to late 1990s (Rig-

not and Thomas (2002), Krabill et al. (2004)). In Antarctica, altimetry-derived

estimates show thickening in EAIS but thinning along the Amundsen Coast of
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WAIS (Curt et al. (2005), Wingham et al. (1998), Shepherd et al. (2002)).

Velicogna and Wahr (2006) used measurements from time-variable gravity to

determine mass variations of the Antarctic ice sheet during 2002-2005, flnding a

mass decrease equivalent to 0.4§ 0.2 mm of global sea level rise per year, with

most of the mass loss coming from the WAIS.

Measurements of ice velocity made with satellite radar interferometric meth-

ods have recorded a doubling of the velocities of several Greenland outlet glaciers

over the past flve years (Rignot and Kanagaratnam (2006), Joughin et al. (2004)).

About half of the discharge from the ice sheet is through 12 fast-°owing outlet

glaciers, most of them with 10 to 20 km width at their seaward margin. The

breaking up of the °oating tongues or ice shelves of several of these glaciers in the

past few years has been also observed (Joughin et al., 2004). Increased velocities

maybe linked to the loss of the mechanical buttressing efiect of the ice tongues

(Rignot and Kanagaratnam (2006), Joughin et al. (2004), Alley et al. (2005)).

Other mechanism that has been proposed to explain these increased velocities is

basal lubrication via meltwater reaching the glacier bed trough crevasses (Zwally

et al., 2002). In the Antarctic Peninsula, the disintegration of large ice shelves

was followed by velocity increases of between two and eight times (Scambos et al.,

2004). Large glaciers feeding Amundsen Coast ice shelves have thinned and ac-

celerated by up to 26% over the last three decades, with perturbations extending

more than 200 km inland (Shepherd et al. (2002), Thomas et al. (2004), Joughin

et al. (2003)). The breakup of ice shelves and ice tongues could have been trig-

gered by increased surface meltwater production penetrating into surface crevasses

and/or ocean basal melting (Shepherd et al. (2003), Payne et al. (2004)).

1.6 State of the art in modelling the future mass

balance of ice sheets

1.6.1 Modelling of surface mass balance changes

For the Third Assessment Report (TAR) "Climate Change 2001" from the IPCC,

the sensitivity of the ice sheets’ surface mass balance to a local increase of tem-

peratures was studied with multiple regression analyses, simple meteorological

models and General Circulation Models (GCMs). In most of the studies with

GCMs, a high-resolution Atmospheric General Circulation Model (AGCM) was

driven by the output from a low-resolution transient AOGCM experiment for a

limited duration of time (f.i. 5 years in the study from Ohmura et al. (1996)).

The typical resolution employed was T106, since a resolution of at least 100 km is
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estimated to be needed to resolve the orographic forcing of precipitation along the

margins of the ice sheets. Melting rates estimated either via calculations based on

the surface energy balance or via calculations based on the observed relationship

between melting and the summer temperatures. For Greenland, the estimates of

the TAR of the sensitivity to a 1–C local warming range between +0.1 and +0.4

mm/yr of sea level equivalent (Van de Wal and Elkholm (1996), Ohmura et al.

(1996), Smith (1999), Janssens and Huybrechts (2000), Wild and Ohmura (2000)).

For Antarctica, the estimates are close to -0.4 mm/yr of global sea level equivalent

(Huybrechts and Oerlemans (1990), Giovinetto and Zwally (1995), Ohmura et al.

(1996), Smith et al. (1998), Wild and Ohmura (2000)).

In more recent studies the surface mass balance has been calculated at higher

resolution (tens of kilometres or less). Climate change was simulated either with

high-resolution AGCMs or perturbing an observational climatology with the out-

put of a model of lower resolution. Ablation was calculated either by methods

based on temperature-index methods or by energy balance modelling. An exam-

ple of such modelling approaches is the work of Wild et al. (2003). They used a

temperature-index method at a 2 km resolution and the output from ECHAM4 at

resolution T106. They found lower melting rates than found in a previous study

conducted with ECHAM4 (Wild and Ohmura, 2000) where surface melting was

calculated with an energy balance scheme at the resolution of the atmospheric

model (T21). Wild et al. (2003) attributed this difierence to the reduced ablation

area on the higher-resolution grid.

Bugnion and Stone (2002) used a snowpack model with climate forcing from

ECHAM4 and MIT 2D in order to estimate the current mass balance of the

Greenland ice sheet and its changes over the 21st century. Snowpack models permit

the representation of the refreezing of surface meltwater within the snowpack and

albedo variations due to snow aging, its conversion to ice, and presence of surface

meltwater.

1.6.2 Modelling of total mass balance changes

As explained before, the total mass balance of the ice sheets does not only depend

on the surface mass balance, but also on changes in the dynamics of the ice sheet.

In order to include dynamical changes in the assessment of total mass balance

changes, a thermomechanical ice sheet model is required. The word thermome-

chanical refers to the coupling of the dynamics and ice temperatures via viscosity

changes, sliding, and other processes.

For the TAR, the ice sheet model of Huybrechts and de Wolde (1999) was
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integrated using temperature and precipitation flelds obtained by perturbing a

present day climatology according to the geographically and seasonally depen-

dent patterns predicted by the T106 ECHAM4 model (Wild and Ohmura, 2000).

The time-dependent patterns were scaled with the averaged changes over the ice

sheet from several AOGCMs run under the IS92a scenario. From 1990 to 2090,

Greenland contributes 0.01 to 0.03 m and Antarctica -0.07 to -0.01 m to global

sea level according to the results of this study.

Several modelling studies have been performed for time periods of several

centuries to millennia: Van de Wal and Oerlemans (1997), Warner and Budd

(1998), Huybrechts and de Wolde (1999), Greve (2000). These studies have been

performed with ice sheet models passively coupled to Earth System Models of In-

termediate Complexity (EMICs) or forced by simple parameterisations of changes

in the temperature and snowfall forcing. More sophisticated simulations of the

bi-directional interaction between climate and ice-sheets under anthropogenic cli-

mate change have been performed more recently via the coupling of the ice sheets

to AOGCMs. These studies will be introduced in the next section.

1.7 Ice sheets as components of Earth System

Models

For paleo-studies several Earth System Models of Intermediate Complexity have

been used with a bi-directionally coupled ice sheet model, for instance, in order

to investigate the role of the ice-sheet feedbacks during the last glacial inception,

approximately 117 ky BP (Wang and Mysak, 2002; Kageyama et al., 2004; Calov

et al., 2005).

Very few anthropogenic climate change modelling studies account for the mod-

iflcations of climate due to changes in the mass balance of the ice sheets. Huy-

brechts et al. (2002) and Fichefet et al. (2003) interactively coupled a Greenland

ice sheet model with an AOGCM in order to investigate the efiect of varying fresh-

water °uxes on the oceanic circulation of the time between 1970 and 2100. The

coupling was only performed between the ice sheet model and the ocean model in

these studies. Changes in the geometry (shape and extent) of the Greenland ice

sheet were not given to the atmospheric component in these models.

The flrst study with a fully bidirectional coupling of a dynamical ice sheet

model to an AOGCM is that of Ridley et al. (2005), who used a dynamical three-

dimensional ice sheet model coupled to the AOGCM HadCM3 in order to study

the response and feedbacks of the GrIS to anthropogenic climate change. They
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showed the almost complete disappearance of the Greenland ice sheet after 3000

years in a 4xCO2 simulation. The North Atlantic Meridional Circulation was not

signiflcantly modifled by the release of freshwater from the GrIS. Atmospheric re-

gional changes over the ice sheet acted as a negative feedback for the disintegration

of the GrIS.

1.8 Objectives and outline of this study

The objective of this study is to explore the long-term (multi-century) interac-

tions between the ice-sheets in a climate forced with higher concentrations of

greenhouse gases. The tool used for this study is a dynamical ice-sheet model

bi-directionally coupled to two difierent complex Earth System Models. The core

of both Earth System Models is a coupled Atmosphere-Ocean General Circula-

tion Model (ECHAM3 T21/LSG and ECHAM5 T31/MPI-OM). Other relevant

components of the physical and biogeochemical climate system (land vegetation,

ocean biogeochemistry) are modelled within these Earth System Models. The use

of a dynamical ice sheet model permits the inclusion of changes in the ice °ux in

calculations of the total mass balance of the ice sheets. The bi-directional cou-

pling of the ice sheet model to the climate permits the study of the modiflcations

of climate caused by the changes in the mass balance of the ice sheets (via albedo,

topographic and freshwater discharge changes), which potentially could also be

important for the evolution of the ice sheets themselves. The use of General Cir-

culation Models in this modelling approach permits a proper investigation of these

processes by which ice sheets can modify climate.

For the calculation of the mass balance two difierent coupling schemes have

been used with the Earth System Models: in the case of the flrst Earth System

Model, the scheme for the calculation of melting (degree-day method) is based on

parameterisations which relate atmospheric temperatures to melting rates; while

in the case of the second Earth System Model a more sophisticated scheme based

on the balance of heat °uxes at the ice sheet surface (energy balance method) is

used.

Two main type of questions will be addressed with the tool used in this study:

the flrst group refers to the difierent mechanism playing a role in the evolution of

future ice sheets (changes in surface melting, snowfall rates, and ice dynamics);

the second, to the role played by ice sheets in future climate.

The structure of this thesis is as follows. In Chapter 2 the Earth System Model

ECHAM3/LSG2/LPJ/HAMMOC3/SICOPOLIS (ESM1) will be introduced. In

Chapter 3 the simulated ice sheets of the control climate will compared to ob-
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servations. In Chapter 4 the multi-century evolution of global ice sheets under

greenhouse stabilisation scenarios will be investigated with the ESM1. In Chap-

ter 5 the long-term response of global ice sheets to the SRES emission scenarios

B1, A1B and A2 will be investigated with the same model. The Greenland ice

sheet disappears within 5000 years under the forcing from the high emission sce-

nario A2. In Chapter 6 the process of disintegration of the Greenland ice sheet

under this scenario will be shown, and its impact on the climate and on the evo-

lution of the ice sheet itself (via positive or negative feedbacks between the ice

sheet and the climate). The ESM2 ECHAM5/MPI-OM/LPJ/SICOPOLIS will be

introduced in Chapter 7. The results with this model for greenhouse stabilisation

scenarios 2xCO2 and 4xCO2 will be shown in Chapter 8. Chapter 9 consists of

general conclusions and an outlook.
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Chapter 2

Model description of ESM1

In this chapter the Earth System Model ECHAM3/LSG2/HAMOCC3/LPJ/-

SICOPOLIS (also referred to as ESM1 or MPI/UW in this thesis and other pub-

lications) will be described, with special emphasis on the ice sheet component and

its coupling to other components. The structure of the chapter is as follows: flrst

the ice sheet model (ISM) will be introduced, then the rest of components of the

model will be described, and then the coupling of the ice sheet model to the full

Earth System Model will be explained.

2.1 The ice sheet model SICOPOLIS

SICOPOLIS (SImulation COde for POLythermal Ice Sheets), by Ralf Greve

(Greve, 1995), is a three dimensional thermomechanic (i.e., it includes the de-

pendence of the °ow of ice on its temperature) ice-sheet model. It integrates the

time-dependent equations governing ice-sheet extent and thickness, ice velocity,

temperature, water content and age for any speciflc grounded ice as a response

to external forcing. This is given by (i) surface temperature, (ii) surface mass

balance (snowfall and surface melting), (iii) sea level, and (iv) geothermal heat

°ux.

The model equations are subjected to the shallow ice approximation (SIA);

that is, they are scaled with respect to the aspect ratio " (ratio of typical thick-

ness to typical length),1 and only flrst order terms are kept. The SIA yields

hydrostatic pressure conditions and ice °ow governed by the gradients of pres-

sure and the shear stresses in horizontal planes, txz, tyz. The in°uence of the

normal-stress deviators, tDxx , tDyy , tDzz , and the shear stress in vertical planes, txy,

1This ratio is approximately 10¡3 in ice sheets
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Figure 2.1: Scheme of the model SICOPOLIS.

is negligible. Accelerations are neglected in the momentum balance, so that the

velocity fleld behaves quasi-stationary (\Stokes °ow"). The horizontal velocity is

a local function of the ice thickness, the surface slope and the temperature and

water content in the ice column. It always points in the direction of the steepest

surface descent.

The model does not include the special dynamics of ice shelves. The movement

of ice shelves in nature is driven by the pressure gradient and by the gradients

of tDxx , tDyy , tDzz and txy (precisely the stresses that are neglected in the SIA for

ice sheets). The compressive stresses tii are exerted by the lateral margins that

conflnes the ice shelves and by pinning points. The horizontal shear (txz, tyz) is,

on the contrary, very small.

Although not including the dynamics of ice shelves, the model allows the

expansion of the ice sheet into the adjacent shallow ocean, in order to allow, for

instance, the glaciation of the Hudson Bay during the last glaciation.

2.1.1 Ice-thickness equation

The basic equation of the model is the ice-thickness H equation:

@H

@t
= ¡

@qx
@x

¡
@qy
@y

+ as ¡
Pb

‰
(2.1)
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where as is the accumulation-ablation term, q is the vertically integrated velocity,

Pb is the basal melting rate, x and y are the horizontal coordinates, and t is time.

2.1.2 Formulation of the ice °ow

Ice is treated as a viscous power-law material. The strain rate components (which

are also the velocity gradients) are related to the stress components through the

constitutive relation

D = EA(T 0)f(¾)T R (2.2)

where D is the strain-rate tensor [ms¡2],T R is the deviatoric (or frictional) stress-

tensor (units: N/m2), ¾ is the efiective shear stress, f(¾) is the creep response

function, E is the enhancement factor, and A(T’) is the rate factor. The rate

factor A(T’) is deflned as function of the homologous temperature T’ (i.e., the

difierence of the temperature T to the melting temperature Tm). The rate factor

A(T’) accounts for the dependence of the deformation of the ice with temperature.

The enhancement factor E‚ 1 accounts for the increased softness of ice containing

impurities (such as dust) and/or anisotropy. Glacial ice has been found to be softer

than interglacial ice (Paterson, 1991).

The efiective shear stress ¾ is deflned as a function of the components of the

deviatoric stress tensor : ¾ =
q

1
2
tr(T R)2 . It is an invariant, hence independent

of the coordinate system.

The creep response function is deflned as

f(¾) = ¾n¡1 (2.3)

with n=3, (n=1 is valid for a Newtonian viscous material, for which deformation

rates are linearly dependent on the stresses). The case n=3 is called Glen’s law.

The deviatoric stress tensor T R difiers from the full stress tensor in that the

hydrostatic component is subtracted: T R = ¡p1+ T R.

With the SIA, the stresses2 are set to

¾zz = ¡‰g(h¡ z) normal stress (2.4)

¾xz = ¡‰g
@h
@x
(h¡ z)

¾yz = ¡‰g
@h
@y
(h¡ z)

shear stresses (2.5)

2Stresses with equal indexes ii are called normal stresses. They represent some form of

compression or extension. Shear stresses are denoted by indexes ij, (with i 6= j ) and they are

essentially a traction that acts to deform the ice block in the horizontal plane.



20 CHAPTER 2. MODEL DESCRIPTION OF ESM1

where ‰ is ice density, g is the gravitational constant, h is the vertical coordinate

of the ice surface, and z is the vertical coordinate at the point where the stresses

are calculated.

These shear stresses are zero at the surface and have a maximum at the base.

The normal stress is also zero at the surface (the atmospheric pressure is consid-

ered negligible compared to the other stresses). All the other components of the

stress tensor are ignored in the SIA.

The resulting efiective shear stress ¾ is:

¾ = ‰g(h¡ z)

s

(
@h

@x
)2 + (

@h

@y
)2 (2.6)

Deflning the surface slope fis as

fis =

s

(
@s

@x
)2 + (

@s

@y
)2 (2.7)

where s is the surface plane, the horizontal velocities vx, vy are

vx(z) = vx;b ¡ 2(‰g)3fi2
s
@s
@x

R z

base
A(T 0)(s¡ z)3dz

vy(z) = vy;b ¡ 2(‰g)3fi2
s
@s
@y

R z

base
A(T 0)(s¡ z)3dz

(2.8)

where vx;b, vy;b are the basal velocities.

Integration of the velocity equations for an hypothetical isothermal column

with no sliding at the bed (vx;b; vy;b = 0 ) would give for the surface velocity

vh(z = s) :

vh(z = s) =
A(T )

2
(‰gfi)3H4 (2.9)

The vertical velocity is obtained from the incompressibility assumption for ice

(ice is considered incompressible, like water but unlike snow):3

@vx
@x

+
@vy
@y

+
@vz
@z

= 0 (2.10)

2.1.3 Heat transfer

The temperature equation in the ice column is given in the SIA by:

3This assumption does not hold in the snow and flrn at the top of an ice-sheet. The ap-

proach in SICOPOLIS and many other ice sheet models is to assume that all the ice column is

incompressible glacial ice.
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@T

@t
= ¡vx

@T

@x
¡ vy

@T

@y
¡ vz

@T

@z
+

1

‰c

@

@z

µ

•
@T

@z

¶

+
2

‰c
EA(T 0)f(¾)¾2 (2.11)

where c is speciflc heat of ice and • is the conductivity of ice.

Equation 2.11 relates temperature change with advection, vertical heat con-

duction, and heat production generated by internal friction. The SIA eliminates

lateral heat conduction.

The most relevant processes of thermal advection in ice sheets are the transport

downwards of cold ice beneath ice divides and the transport of cold ice down the

glacier along °owlines.

Thermal difiusion does not lead to a uniform, isothermal temperature distri-

bution in the glacier in general, because the top and bottom surfaces are pinned

to cold and warm extremes. This causes a continuous transfer of energy upwards

into the ice: the geothermal heat energy penetrates slowly upwards in the ice,

\resisted" by the very cold atmosphere temperatures. The thermal conductivity

of ice is rather intermediate, (better insulators are air or snow; ice is similar in

that sense to most geological materials), so the time scale at which changes in air

temperature penetrate into the ice sheet is pretty long. For instance, some parts

of the Greenland ice sheet still have temperatures matching the cold environment

of the last glacial period.

The production of heat by internal friction is concentrated in the lower section

of the ice sheet. This gives a positive feedback for the movement of ice, because

warm ice deforms more than cold ice: hence, more deformation yields more heat,

higher temperatures yield more deformation. In this way, steep and deep areas

of the ice sheet produce a lot of deformational heat and are often at the melting

point well above the glacier bed. Since the model considers sliding only in melting

regions, the basal sliding also plays a very important role in this feedback mech-

anism. These processes are considered by some authors (MacAyeal (1993), Calov

et al. (2002)) to be the key point, for instance, for large scale surges of the former

Laurentide Ice Sheet during the last glacial.

Pressure Melting Point Depression

Ice melts at difierent temperatures when it is under pressure. The higher the

pressure is, the lower is the melting point. All other materials behave oppositely,

increasing the melting point with pressure. Because water is denser than ice, it

tries to reach under high pressure the most compacted conflguration. The depres-

sion of the melting point Tm with pressure is modelled as follows in SICOPOLIS:
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Tm = T0 ¡ fl⁄p = T0 ¡ fl
p

‰g
; (2.12)

where T o = 0– C, fl⁄is the Clausius-Clapeyron constant, and the Clausius-

Clapeyron gradient fl = ‰gfl⁄corresponds to the temperature gradient in tem-

perate ice.

Basal melting rate

Whenever the base is at the melting point, basal melting rates P w
b are calculated

according to:

Pw
b =

1

L

‰

•
@T

@z
¡ •r

@T+

@z
+ ((vsl)x¾xz + (vsl)x¾yz)

¾

(2.13)

where • is the heat conductivity of ice and vsl the basal sliding velocity (difierence

between ice velocity and lithosphere velocity). The basal melting rate is given by

the difierence between the heat coming from the bedrock •r
@T+

@z
and the heat

transported upwards into the ice • @T
@z
, plus the frictional heat produced by the

basal stresses.

Boundary conditions: temperatures at the uppermost layer of the ice-

sheet.

For the surface temperature Ts (temperature of the uppermost layer of the ice

column) the flrn temperature at 15 m depth is taken. Experimentally this 15 m-

depth temperature is found to be equal to the mean annual air temperature plus

a correction due to refreezing of meltwater. The seasonal temperature penetrates

through difiusion only into the upper 15 m of ice. It gives an annual temperature

wave in the near-surface ice (Paterson, 1994).

This temperature Ts is corrected according to the equation 2.31 described

further down. Meltwater refreezing can add latent heat and give mean annual

temperatures a few degrees higher than the mean annual air temperature.

2.1.4 Lithosphere

The temperature equation in the rock is

‰rcr
dT

dt
= •rr

2T; (2.14)
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where •r is the conductivity of the lithosphere, ‰r is the density, and cr is the heat

capacity. For the boundary condition at the lithosphere base, the °ux of heat into

the lithosphere is given by

•rrT = Qgeo (2.15)

where Qgeo is the geothermal heat °ux.

The response of the lithosphere on the varying ice load is treated by a local-

lithosphere-relaxing-asthenosphere model in which the asthenospheric time lag ¿V
is the only parameter. A local force balance between buoyancy and ice load for a

vertical column of transect area dA with ice thickness H = h -b is considered to

calculate the sinking depth ¢b(x; y; t) of the lithosphere into the asthenosphere

below it:

‰ag¢bdA = ‰gHdA; (2.16)

where ‰a is the density of the asthenosphere. Equation 2.16 assumes that verti-

cally moving lithosphere columns do not interact with each other, and have no

horizontal velocity. The steady-state position of the lithosphere, bss, is given by

bss = b0 ¡¢b = b0 ¡
‰

‰a
H (2.17)

where b0(x; y; t) is the position of the relaxed ice-free steady-state lithosphere.

Due to the asthenosphere’s viscosity, this equilibrium is not reached instanta-

neously, but with a certain time lag ¿V . The evolution equation for the position

of the lithosphere surface z = b(x; y; t) is

db

dt
·

@b

@t
= ¡

1

¿V

•

b¡ (b0 ¡
‰

‰a
H)

‚

(2.18)

For a flxed thickness H this corresponds to an exponential approach of b towards

the equilibrium state bss.

2.1.5 Numerics of the model

The numerical solution is based on a flnite-difierence integration technique, for

which the ¾-transformation, mapping of vertical columns onto the [0,1] interval,

is carried out. The model domains of ice and lithosphere are treated separately in

order to simplify the implementation of the boundary and transition conditions

at the interfaces. An Arakawa-C-grid (Arakawa and Lamb, 1977) is applied in

the model, where the velocity components are deflned in between grid points, and
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other variables (water content, temperature, positions of free surface and bedrock,

...) are deflned on grid points. This grid is used in most of the current ice-sheet

models based on flnite difierences.

For the solution of the ice thickness equation, four numerical methods can be

used in SICOPOLIS. These are (i) explicit scheme, (ii) alternating-direction im-

plicit scheme (ADI), (iii) over-implicit ADI scheme and (iv) over-implicit scheme

with iterative SOR solution of the system of linear equations. For a detailed dis-

cussion of the difierences on the application of this schemes, see Greve and Calov

(2002).

2.1.6 Speciflcation of physical quantities

Rate factor A(T’)

It follows an Arrhenius type law for T’ < -10–C, supplemented by four values in

the regime T’ < -10–C (Paterson, 1994):

A(T 0 = 0–C) = 3:2 ¢ 10¡24s¡1Pa¡3

A(T 0 = ¡2–C) = 2:4 ¢ 10¡24s¡1Pa¡3

A(T 0 = ¡5–C) = 1:6 ¢ 10¡24s¡1Pa¡3

A(T 0 = ¡10–C) = 0:49 ¢ 10¡24s¡1Pa¡3

A(T 0 < ¡10–C) = A0e
¡ Q

R(T0+T 0)

(2.19)

with T 0 = 273:15 K , the activation energy Q = 60 kJ mol¡1 , the universal gas

constant R and the coe–cient A0 = 3.985¢10¡13s¡1 Pa¡3. All other values in the

interval 0 < T’ < -10– C are obtained by linear interpolation.

Sliding law

For the calculation of the basal velocity vb, no-slip is prescribed (adhesion con-

dition) if the basal ice is at T < Tm. If basal ice is at melt temperature Tm, a

Weertman-type sliding law is used:

vb = 0 if T < Tm

vb = ¡Csl

‰g

jjtjjp

(‰gh)q

tjj

jjtjj
; with p = 3 ; q = 2 if T = Tm

(2.20)

where Csl= 105 yr¡1 (Greve, 1997) is the sliding coe–cient; tjj is the basal shear

traction in the bed plane, and ‰gH is the overburden pressure. Following Calov

(1994) and Calov and Hutter (1996), this sliding-law is applied as

vb = ¡CslHjjgrad hjj2grad h (2.21)
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Enhancement factor E

The enhancement factor E is used to take into account that glacial ice is less

viscous than interglacial ice, probably due to difierences in dust content and/or

induced anisotropies (Fisher (1987), Paterson (1991), Paterson (1994), Svendsen

and Hutter (1996)). The values used for the set-up of the simulations performed

with ESM1 and ESM2 are E = 3 for the Northern Hemisphere and E = 5 for the

Southern Hemisphere Greve (1997).

Relaxed bedrock b0

The relaxed bedrock is calculated from equation 2.17,

b0 = bss +¢b = bss +
‰

‰a
H (2.22)

The present bedrock is assumed to be in equilibrium for this calculation. That

is, for the steady-state position of the bedrock the present values of the bedrock

are used:

bss »= bPresent (2.23)

This assumption is not true, since the bedrock is still in a process of uplift

since the onset of the deglaciation. Some other areas are sufiering the inverse

process. Since no accurate measurements on global coverage of the uplift rates

are available, this error cannot be easily reduced. Some studies of the present day

imbalance of ice thickness and bed elevation have been conducted with the ice

sheet model of Huybrechts for Antarctica (Huybrechts, 1992) and with a coupled

ice-sheet/bedrock model for Greenland (Le Meur and Huybrechts, 1998).

Geothermal heat °ux

For the northern hemisphere the global mean value Qmean
geo = 55 mW/m2 (Sclat-

ter et al., 1980) is used. For the southern hemisphere, a two-dimensional map

Qgeo(x,y) is applied in order to account for the unequal distribution of the geother-

mal heat °ux in the Antarctic continent due to difierent age of the bedrock on the

East and West sections (Sclatter et al., 1980). Two difierent values QE
geo and QW

geo

are used in the West and East area, with a transition area of 1000 km. Outside

of Antarctica, the value of the geothermal heat °ux is flxed to the global mean

value Qmean
geo = 55 mW/m2:
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Qgeo =

(

Qmean
geo if lat > ¡60–

1
2
(QE

geo +QW
geo) +

1
2
(QE

geo ¡QW
geo) ¢

‡

¡ tanh
‡

2 ¢ fi
fiw

··

if lat • ¡60–

(2.24)

where fi is the distance to the meridian 30– W. This meridian was chosen because

it is parallel to the Transarctic Mountains, which are approximately the dividing

line for the old East Antarctic bedrock and the newer West Antarctic bedrock.

fiw is the half-width of the transition area.

The values used for QE
geo and QW

geo are:

QE
geo = 45 mW=m2

QW
geo = 70 mW=m2

following Sclatter et al. (1980). In this study the values given for the geothermal

heat °uxes in Antarctica are speculative, since no good measurements are avail-

able. Antarctica is divided into four areas according to the age of the bedrock:

(i) 0-250 Ma (Mesozoic and Cenozoic) , (ii) 250-800 Ma, (iii) 1700 Ma, and (iv) >

1700 Ma and for every area the mean heat °ux from bedrock of similar age from

the other continents on Earth is used.

About other physical quantities

The geothermal heat °ux is imposed at a distance Hr under the base of the ice in

order to account for the thermal inertia efiects of the lithosphere. Other physical

quantities are specifled in the table 2.1.

2.1.7 Set-up of the model

Grid

The Northern and Southern Hemispheres are projected separately to a polar stere-

ographic map with standard parallels at 71–N and 71–S. The reference longitude

is 44–W for the flrst case (in order to place Greenland centred in the map) and 0–

in the second case. A horizontal resolution of 80 km is used, which corresponds to

157 x 157 points in each grid. Each grid domain covers an area of 12480 x 12480

km2. The vertical resolution is 21 grid points in the ice region and 11 grid points

in the lithosphere.
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Table 2.1: Standard values of physical quantities used for the simulations in this

study. References: ‰, fl: Calov (1994); ¿v, ‰a: Abe-Ouchi (1993); •, c, ‰rcr, and

•r : Ritz (1987); L: Blatter (1991).

Symbol Quantity Value

‰ Density of ice 910 kg/m3

• Heat conductivity of ice 9.828e¡0:0057T [K] Wm¡1 K¡1

c Speciflc heat of ice (146.3+7.253T[K]) Jkg

L Latent heat of ice 335 kJ kg¡1

fl
Clausius-Clapeyron gra-

dient
8.7¢ 10¡4 Km¡1

À Water difiusivity 0

‰rcr
Densitiy x speciflc heat of

the lithosphere
2000 kJ m

•r
Heat conductivity of the

litosphere
3 W m¡1 K¡1

¿V
Time lag for the bed ad-

justment
3000 a

‰a
Density of the asteno-

sphere
3300 kg m¡3

Hr

Thickness of the litho-

sphere
5 km
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Numerics

The numerical procedure used in the solution of the ice-thickness equation is the

implicit method (see 2.1.5).

Topography

The present topography of the bedrock is constructed based on ETOPO5

(ETOPO5, 1988) land and sea-°oor elevations, which are gridded with a reso-

lution of 5’ in latitude and longitude. For the area of the present Greenland ice

sheet this data set provides the ice surface instead of the bedrock. There the

bedrock data of Letreguilly et al. (1991a) with 20 km resolution are applied. For

Antarctica, the ice-thickness and bedrock data set of BEDMAP (Lythe et al.,

2001) is used. The total volume of grounded ice from the digital map is 25.68 x

106 km3 for Antarctica (for comparison, the flgure from Church et al. (2001) is

25.71 x 106 km3).

2.1.8 Parameterisation of ice shelves.

Since ice shelves are not speciflcally modelled, several parameterisations have been

included in order to keep the Antarctic grounding line at its current position.

Otherwise the ice sheet would extend until the limit of the continental shelf. These

parameterisations consist of a modiflcation of the dynamics of marginal ice, and

the introduction of calving and ocean melting rates for marginal ice. Besides, a

sub-grid calculation of the position of the grounding line according to the °otation

criterion is performed.

Changes in the dynamics

In order to increase the velocities in the °oating ice domain, the sliding coe–-

cient for equation 2.20 is set at Csl = 107 yr¡1, which is 100 times the value for

temperate grounded ice.

Ocean melting

An ocean heat °ux is applied to the °oating ice. Two difierent processes are

considered:

1. Frontal melting Qoc
fm: applied to the surface of the walls of the °oating ice

in contact with the water. A value of 62 W/m2 is used.
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2. Bottom melting heat °ux Qoc
bm: applied over the bottom surface of the

°oating ice. A parameterisation according to the depth of the water column

is implemented : the heat °ux is proportional to the depth of the water

column under the ice hw until a maximum value Qc
bm, which is reached for

a water column h⁄w.

Qoc
bm = Qoc

bm;max ¢

•

1¡max

µ

h⁄w ¡
hw
h⁄w

¶‚

(2.25)

The values used are : Qoc
bm;max = 5 Wm¡2, h⁄w= 100 m.

For the values of Qoc
fm and Qoc

bm measurements in the present Antarctic ice shelves

have been used as reference (Jacobs et al., 1992). This study shows that the

highest melt rates occur near ice fronts and deep within sub-ice cavities.

Calving

Calving is a process which involves fracture generation and propagation processes

and is known to be dependent on ice thickness and temperature, water depth,

tidal forcing, coastal/embayment geometry, the °ux of ice across the grounding

line, and presence of water-fllled crevasses weakening overall ice shelf competence

by forcing of vertical crack propagation. The governing physics for calving and

ice shelf breakup are still not fully understood and may not be deterministic. It

is known that the calving increases with higher temperatures in the ice.

Here a very simple parameterisation for the calving is introduced. Wherever

the °oating ice reaches a thickness h⁄
cl below 200 m, it is calved. With an exception:

in order to allow the movement of the grounding line, this parameterisation is not

applied near the grounding line (the points of °oating ice in contact with grounded

ice are not allowed to be calved).

2.2 The Earth System Model ECHAM3/-

LSG2/HAMOCC3/LPJ/SICOPOLIS

The Earth System Model ECHAM3/LSG2/HAMOCC3/LPJ/SICOPOLIS (also

referred to as ESM1 in this thesis and as MPI/UW in publications with the results

of this model) has as core a coupled atmosphere-ocean General Circulation Model

(AOGCM). It includes the main physical and biogeochemical components of the

Earth System via fully-coupled models of the ocean biogeochemistry (modelled

with HAMOCC, Maier-Reimer (1993)), land vegetation (modelled with LPJ, Sitch
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Figure 2.2: The Earth System Model ECHAM3/LSG2/HAMOCC3/LPJ/-

SICOPOLIS

et al. (2003)), and ice sheets (modelled with a three dimensional model SICOPO-

LIS). The ocean biogeochemistry and land vegetation models allow for the mod-

elling of the carbon cycle. The model allows multi-century and multi-millennia

experiments due to its coarse resolution (T21 for the atmosphere model) and to

the use of a periodically synchronous technique.

In the following each model component of the Earth System Model will be

described, as well as the exchange flelds at the interface with other model compo-

nents. A scheme of the coupled model is shown in flg. 2.2. In 2.2.2 the periodically

synchronous coupling technique will be explained.

2.2.1 Description of components

The atmospheric GCM ECHAM3 (Roeckner et al., 1992) has a resolution of T21

(approximately 5.6–) in the horizontal and a vertical resolution of 19 vertical

layers. The prognostic variables are vorticity, divergence, temperature, humidity,

surface pressure and cloud water. The time step is 40 minutes.

The ocean model LSG2 is an improved version of the model LSG by Maier-

Reimer (1993). It is used with a horizontal resolution of 5.6– in two overlapping

grids (64 x 64 points on an Arakawa E grid). The vertical resolution is 22 vertical

layers, with thickness varying with depth from 50 m in the uppermost layer to

almost 800 m at 5600 m depth. The thickness of the bottom cell is variable,

allowing a smooth representation of the topography. The time step of the model

is 5 days, but a time-step of 1 day is used for the thermodynamics of the surface
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layer. Several sub-grid-scale parameterisations have been included in the version

2 of LSG. A simple dynamic sea ice model is included in LSG2. The advection

velocity is the sum of the velocity of the uppermost ocean layer and a wind-

derived component (2% of the wind velocity with geostrophic rotation of 19–).

A simple water conserving runofi model is also included in the ocean model. A

constant bucket depth of 50 cm is used everywhere. The time dependent transport

direction is determined using the direction of the strongest topography gradient.

The topography can be changed via changes in the ice sheet thickness and isostatic

rebound of the lithosphere in response to former ice loads. Since the land-sea mask

of the Earth System Model is derived from the ECHAM3 mask, some ocean points

on the Arakawa E grid do not have a neighboring \wet" velocity point. These

grid points are treated as isolated lakes with a constant depth of 50 m.

The coupling time-step between atmosphere and ocean is one day. The ocean

supplies distributions of sea surface temperatures and sea ice to the atmosphere,

whereas the atmosphere supplies °uxes of heat, momentum and mass.

The coupled Atmosphere Ocean General Circulation Model runs with two °ux

corrections: an artiflcial freshwater export from the North Atlantic/Arctic to the

North Paciflc of 0.14 Sv and an additional easterly wind stress in the tropical

oceans. The additional freshwater export improves substantially the represen-

tation of the Atlantic overturning circulation and oceanic heat transport. This

correction is needed because, due to its course resolution and the only partially

resolved synoptic variability, the atmospheric model produces a too strong conver-

gence of atmospheric moisture transports within the Arctic and the adjacent land

areas. The wind-stress correction is designed to improve the representation of

the climate in the tropics, especially the position of the intertropical convergence

zone.

The dynamic global vegetation model LPJ (Sitch et al., 2003) simulates the

spatial distribution of ten plant functional types (PFTs) over the earth, and within

each PFT four living biomass and three litter carbon pools are deflned. A grid

cell can contain more than one PFT, and has two common soil carbon pools. For

each PFT, photosynthesis and autotrophic and heterotrophic respiration are the

main processes determining the carbon °uxes. Besides that, establishment and

mortality are modelled explicitly, as well as the phenology changes over the year.

LPJ supplies surface properties to the atmosphere model: background albedo

(the albedo of the snow-free surface), vegetation cover and roughness length. The

horizontal resolution and the grid of LPJ are the same as for the atmosphere

model. The calculated °uxes of carbon in LPJ are used for the calculation of the

atmospheric CO2 concentration. The time step of the coupling of the terrestrial
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vegetation model with the other components is 1 year.

The marine carbon cycle is represented with the model HAMOCC3 (Maier-

Reimer (1993);Winguth et al. (1994)). The trace substance flelds are advected

within the LSG2 model using the identical advection scheme as for temperature

and salinity. Temperature, salinity and sea ice flelds for the calculation of the bio-

geochemistry are taken from the ocean model, incoming shortwave radiation and

wind speed from the atmosphere model. The atmospheric CO2 partial pressure

and vertical gradients of carbon are linked with three pumping mechanisms (Volk

and Hofiert, 1985): 1) the solubility pump with high solubility at low tempera-

tures, and two biological pumps, which are 2) the dominating \soft tissue pump"

caused by the formation of organic material and depletion of nutrients and carbon

in the surface water and 3) the counteracting CaCO3 pump. Phosphate (PO4) is

treated as the only nutrient-limiting tracer for photosynthesis in order to avoid

the complication arising from denitriflcation and nitrogen flxation. Export pro-

duction (EP), the amount of primary production transported from the euphotic

zone into deeper layers is parameterised by the availability of light, temperature

T (in –C), nutrients (PO4), and vertical mixing ”:

EP =
r(T;L)¢50 m

”

PO2
4

PO4+P0

(2.26)

with a growth rate r(T,L) following a formula of Smith (1936). The temperature

dependence follows Eppley (1972). The light function g(L)=0.005Lsw takes the

shortwave radiation Lsw from ECHAM3. P 0 =0.02 mmol m¡3is the nutrient half

saturation constant. Production of opal forming species is simulated as function

of EP and silica variability. CaCO3 production is controlled by export production,

the competing opal production, and by a temperature dependent formulation a
1+a

with

a = exp
¡

0:1–C¡1 ¢ (T ¡ 10–C)
¢

(2.27)

Remineralisation of particulate organic carbon (POC) is modelled according

to a temperature and oxygen dependent formulation. At the sea °oor, the carbon

and silica budget is closed with a single layer sediment module for opal, CaCO3

and POC. The time step of the ocean biogeochemistry is 1 month.

2.2.2 The Periodically Synchronous Coupling Technique

Long term integrations with this Earth System Model, despite its course resolu-

tion, are still computationally very expensive. More than 90% of the computer
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time is consumed by the atmosphere model. On time scales longer than decades,

the memory of the physical system resides in the slower components (ocean, ice

sheets), whereas the long-term memory of the atmosphere is rather small. Voss

and Sausen (1996) made use of this and introduced the periodically-synchronous

coupling technique for atmosphere-ocean GCMs. The technique is based on al-

ternating periods of fully synchronous integrations and periods where the ocean

is driven in stand-alone mode by °uxes from previous synchronous integration

periods. In order to increase as much as possible the length of the ocean-only pe-

riods, a two-dimensional energy balance model was introduced to solve problems

at the ice-edge with the build-up of unrealistically thick sea ice (Mikolajewicz

et al., accepted).

During the ocean-only periods an archive of several difierent years of atmo-

spheric data is used. A proper length of this archive is needed in order to represent

the mean climatological forcing and its variability as well. A too-long archive has

the disadvantage of introducing an artiflcial delay in case of changing climate.

An archive length of 8 years was found to be the minimum length in order to

obtain an acceptable approximation of the mean climate and variability (Miko-

lajewicz et al., accepted). Two difierent approaches are followed for the length

of the only-ocean periods: a) a simple one, where periods of 2 synchronous years

alternate with periods of 8 ocean-only years, and b) a more interactive one, yield-

ing a higher reduction in computer time, where the length is calculated from the

actual state of the ocean. In the second case, the model is switched into the fully

synchronous mode only when sea surface temperatures and sea ice properties are

very difierent than the ones used for calculation of the atmospheric forcing. The

maximum permitted length of the ocean-only periods in the mode b) is 48 years.

For the land vegetation and ice sheet models a similar approach is adopted,

but the decision for a potential end of the simulation period without atmospheric

GCM is made in the ocean model.

2.3 Coupling of the ice sheet model

2.3.1 Forcing flelds and calculation of the surface mass

balance: the degree-day scheme.

The atmospheric forcing of the ISM consists of seasonal 2-m atmospheric tem-

peratures and precipitation rates. A °ux correction has been applied for both

the 2-m temperatures and precipitation rates: instead of using directly the atmo-

spheric flelds, anomalies from the AGCM are used superimposed on the present
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climatology from ERA40 (Uppala et al., 2005). Precipitation anomalies have been

preferred to ratio anomalies (an option preferred in some other studies) for mass

conservation purposes.

In order to account for the difierences in the reference topography of the flelds

from the ERA40 climatology and the atmospheric data from the AGCM two

corrections have been applied for the near-surface temperature and precipitation

flelds. For the near-surface temperatures a linear height correction with lapse rate

-6.5– C/km (environmental lapse rate) has been applied. For precipitation rates

P, an exponential height-desertiflcation correction has been applied. Precipitation

rates are reduced by 50% per km above the height h0 = 2 km (Budd and Smith,

1979):

P = P (href ) =

‰

exp (°p [max(h; ho)¡ h0]) ; href • h0

exp (°p [max(h; ho)¡ href ]) href ‚ h0
(2.28)

where href is the height at which precipitation rates are calculated and °p =

¡0:6931 km¡1 is the coe–cient from the exponential law.

Precipitation rates P are converted into accumulation rates S by an empiri-

cal formulation (Marsiat, 1994), which relates them to the seasonal near-surface

temperatures T :

Smam = Pmamx

8

<

:

0; Tmam ‚ 7–C

(7–C¡ Tmam)=17
–C; ¡10–C • Tmam • 7–C

1; Tmam • ¡10
–C

(2.29)

for the season March-April-May (sub-index mam) and similarly for other seasons.

The surface melting is parameterised according to Calov (1994) following the

degree-day model by Braithwaite and Olensen (1989). This method couples the

melting rate m linearly to the air-temperature excess above 0– C:

m =

‰

flTc Tc > 0

0 otherwise
(2.30)

where Tc is the near-surface temperature and fl is the so-called degree-day factor.

A difierent factor fl is employed for the melting of snow, flsnow =3 mm water equiv-

alent (WE) day¡1 –C¡1, and for the melting of ice: flice=12 mm WE day¡1 –C¡1

for the northern hemisphere and flice=8 mm WE day¡1 –C¡1 for the southern

hemisphere ( Reeh (1991), Greve et al. (1999), Calov et al. (1998)).

Air temperatures are assumed to follow a sinusoidal annual cycle with ampli-

tude the difierence between the summer and annual temperatures Tsummer-Tma,
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and additional variations due to the diurnal cycle and changing weather conditions

are treated as normally-distributed statistical variations with standard deviation

¾stat= 5–C (Greve et al., 1999).

There is a simple parameterisation accounting for refreezing.

The ice-surface temperature Ts is assumed to be equal to the mean annual air

temperature Tma unless the formation rate of superimposed ice, M ⁄, exceeds the

ice-melting rate, M. In this case, an empirical flrn-warming correction due to the

latent-heat release of the remaining superimposed ice is applied (Reeh, 1991):

Ts = Tma +maxf„fwc(M
⁄ ¡M); 0g (2.31)

with the flrn-warming correction coe–cient „fwc = 24.206– C m¡1 a.

Due to the difierences in the size of the atmospheric grid (T21) and the ice sheet

grid (80 km), a downscaling technique is needed. First the atmospheric data is bi-

linearly interpolated onto the ice sheet model grid, and then the same algorithm

as for the °ux corrections is used in order to account for height difierences. The

time step for the ISM is 1 year.

2.3.2 Fields passed from the ice sheet model to the atmo-

sphere and ocean components

The ice sheet model provides the following flelds to other components of the

Earth System Model: topography and albedo changes (via changes in the glacier

mask) to the atmosphere and freshwater °uxes to the ocean. An atmospheric

model grid point (resolution T21) is deflned as glacier if at least 50% of its area is

glaciated according to the interpolated ice-covered area from the SICOPOLIS grid.

Freshwater °uxes are treated difierently in the case of being supplied to the ocean

as ice and in the case of being supplied as liquid water. The flrst case corresponds

to calving and basal melting due to ocean heat supply, the second case to surface

melting and basal melting due to geothermal heat °uxes. The distinction is made

in order to account for the heat exchange between the cryosphere and the ocean.

The albedo feedback.

Changes in the topography and glacier mask passed from the ice sheet model to

the atmospheric model can modify the albedo via two processes:

1) The albedo of glaciated surfaces difiers from the albedo of non-glaciated

surfaces.
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2) The albedo of glaciated surfaces depends on the temperature of the grid

point, in order to account for sub-scale areas inside the atmospheric grid point

at melt temperature (the presence of meltwater reduces strongly the albedo).

Changes in the topography of the glaciated areas can produce changes in the

surface temperature via the height-efiect (decrease of temperatures with increasing

height). These temperature changes can modify the albedo of land ice if they are

within a certain range close to the melt temperature (Tm= 273:15 K).

The parameterisation of the albedo of snow-covered areas in the atmospheric

model ECHAM3 (DKRZ, 1994) will be described in the following.

In the atmospheric model ECHAM3, in the snow-covered areas the surface

albedo changes from its background value fiSb through the snow depth Sn value

and the albedo of snow/ice surface fiS as follows:

fiSurf = fiSb + (fiS ¡ fiSb) ¢
Sn

Sn+ Sn⁄
(2.32)

where S⁄
n=0.01 m a critical snow depth. For Sn >> Sn⁄ the surface albedo

approaches the albedo of snow.

The albedo of snow and ice on land surfaces, fiS, depends on the surface

type (tS), the surface temperature (TS), and the fractional forest area (af ) over

land. For TS ‚ Tm = 273:15K (i.e., for melting of snow or ice), fis is flxed at

a relatively small value, fiS = fiSmin(tS; af). fiS is larger, fiS = fiSmax(tS; af ),

for cold surfaces (TS • T0 = 263:15K), according to Robock (1980). Over land,

the respective snow albedos are assumed to depend on the fractional forest area

(0 • af • 1) according to:

fiSmin
(af ) = af ¢ fiSmin(af = 1) + (1¡ af ) ¢ fiSmin(af = 0)

fiSmax
(af ) = af ¢ fiSmax(af = 1) + (1¡ af ) ¢ fiSmax(af = 0)

(2.33)

In the temperature range T0 < TS < Tm; fiS = fiS(TS; tS; af ) is obtained by

linear interpolation

fiS = fiSmax ¡ (fiSmax ¡ fiSmin) ¢
TS ¡ T0

Tmelt ¡ T0

(2.34)

with the minimum and maximum surface albedos fiSmin and fiSmax (Robock (1980)

for snow albedos; Kukla and Robinson (1980) for the parameterisation of the

albedo of land ice) as shown here in this table:
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fiSmin fiSmax

land ice (ice sheets) 0.6 0.8

snow on land for af=0 0.4 0.8

for af=1 0.3 0.4
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Chapter 3

Initialisation of the model and

control ice sheets

In this chapter the initialisation of the ice sheet model and the Earth System

model will be described. The ice sheet model has to be initialised with a long

spin-up in order to account for the memory of the temperatures of the ice column

to past climates. The topography, total volume and area, and velocities of the ice

sheets of the control simulation, with pre-industrial CO2 concentration, will be

compared to available measurements.

3.1 Initialisation of the model

For the initialisation of the Earth System model, a spin-up simulation over

10,000 years has been performed. This simulation started from a previous model

state. During this spin-up simulation the °ux corrections for the ice sheet model

were calculated.

For the initialisation of the ice sheet model two glacial cycles have been sim-

ulated with a simple climatic forcing. A time-dependent temperature anomaly

from ice cores (from the central Greenland GRIP (Dansgaard et al., 1993) for

the northern hemisphere and from the VOSTOK ice core ((Jouzel et al., 1993)

and (Jouzel et al., 1996)) for the southern hemisphere) has been superimposed

to the present climatology from ERA40 (Uppala et al., 2005) for the near-surface

temperature forcing.

A linear relationship between temperature and precipitation changes has been

used for the precipitation forcing. For sea level forcing the SPECMAP –18O record

(Imbrie et al., 1984) is used via the conversion (Greve et al., 1999)
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zsl[m] = ¡34:83m ¢
¡

–18O[%] + 1:93
¢

(3.1)

where zsl is the sea level expressed in meters.

3.2 The reference ice sheets and comparison

with measurements

A control simulation (CTRL) over 2250 years with the coupled Earth System

Model is described in detail in Mikolajewicz et al. (accepted). The mean atmo-

spheric concentration of CO2 is 279.5 ppmv. This control simulation will be used

as reference simulation for the anthropogenic climate change experiments. In the

following, the simulated ice sheets of CTRL will be analysed and compared with

available measurements.

3.2.1 Area and topography of the reference ice sheets

The reference northern hemisphere ice sheets from the control simulation have an

area of 2.15§0.02 x 106m2. These ice sheets are located mainly on Greenland.

Other glaciated areas are simulated in Svalvard, Iceland, Ba–n Island, Ellesmere

Island and the Rocky Mountains (flg. 3.1). These glaciated areas are placed at

locations which correspond to actual glaciers and ice caps (see flg. 3.2).

According to (Church et al., 2001), the area of the Greenland ice sheet is 1.71

x 106km2, and its volume leads to 7.2 m SLE. The simulated northern hemisphere

ice sheets have a volume of 8.6 m SLE. Main difierences of the control Greenland

ice sheet with the topography from ETOPO5 (ETOPO5, 1988) are found in north-

east Greenland, where thickness anomalies are as large as 500-800 m (flg. 3.3).

These difierences in northeast Greenland explain most of the difierence of volume

between the simulated and measured ice sheet. The middle part of the ice sheet

is 100-200 m lower than the measured one.

In the southern hemisphere, all simulated glaciated points are placed on

Antarctica. The simulated area of the Antarctic ice sheet (12.70§0.02 x

106km2) exceeds by 3% the measured area (Church et al., 2001). Its volume

(66.94§0.19 m SLE) is 9% bigger. All numbers given here correspond only to

grounded ice, that is, the area and volume of the ice shelves have not been counted.

The ice excess is placed in West Antarctica and the area of the Amery Ice Shelf

(flg. 3.3). The grounding line is placed in the right position almost everywhere,
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Figure 3.1: Mean thickness [m] of the northern hemisphere ice sheets from the

control simulation in the ice-sheet model grid. The black contour line corresponds

to the model isoline for the topographic height=0 m.

Figure 3.2: Worldwide location of grid cells containing glaciers(red) and individual

icecaps (yellow). From Raper and Braithwaite (2006).
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except for the Ronne Ice Shelf, where it is placed a bit further inside, and for the

Antarctic Peninsula, more extended than the real one.

Figure 3.3: Comparison of the topography [m] of the simulated CTRL ice sheets

with measurements from ETOPO5 (ETOPO5, 1988):(a) Greenland ice sheet and

(b) Antarctic ice sheet. The purple line delimits the area with changes exceeding

500 m. The black line of a) corresponds to the ETOPO5 isoline for 0 m height,

while the black line of b) corresponds to the grounding line of the measured ice

sheet.

3.2.2 Dynamics of the control ice sheets.

The vertically integrated mean velocities of the Greenland ice sheet from CTRL

and shown together with the measurements from Joughin et al. (2004) in flg. 3.4.

The general pattern agrees well with observations: lower velocities (several m/yr)

in the interior and higher velocities at the margins (several hundreds of m/yr). The

areas with velocities between 25 and 100 m/yr are in general properly modelled.

Due to the resolution of the model, the exact location of the fast outlet glaciers

and ice streams can not be resolved. For instance, the flne structure of the ice

stream in the northeast is not modelled.

The pattern of mean balance velocities of the grounded ice of the Antarctic

ice sheet from CTRL agrees reasonably well with measurements (flg. 3.5). Low

velocities are simulated in the highest areas of the interior of the East and West

Antarctic ice sheets. Velocities increase towards the margins.




